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ABSTRACT
The presently available paleotemperature data implies large ice-free areas in the Greenland-
Iceland-Norwegian Seas during the Last Glacial Maximum 21 600 yr BP. From these tempera-
tures and the independent measurements of oxygen isotope ratios of fossil foraminiferal shells,
glacial sea surface salinities could be computed, if the glacial relation between salinity and water
isotope ratio was known. For this study, a three-dimensional numerical ocean circulation model
was employed to investigate the possible shape of this still not precisely known relation, and
to reconstruct a physically consistent scenario of the northern North Atlantic for the glacial
summer. This scenario turned out to be quite similar to modern winter conditions, whereas the
required salinity vs. oxygen isotope relation of this time must have been very different from its
modern counterpart.
1 INTRODUCTION
One essential task of paleoceanographic reconstructions is to determine the sea surface temper-
atures (T ) and salinities (S) for a former timeslice from the deep sea sedimentological record.
As far as the high latitudes in general and more specifically the northern North Atlantic is
concerned, the most important parameter is S, since it controls possible regions and intensity of
deep water formation and therefore has a major impact on the global thermohaline circulation.
During the last few years, the methodological and analytical tools used for transforming sedi-
ment core data into oceanographic variables, such as 14C dating, mass spectrometry, and transfer
functions, have continuously been improved. However, the errors of T and S reconstructed from
a single sediment core are still in the range of about 1˚C (Pflaumann et al., 1996) and 1 psu
(Scha¨fer-Neth, 1994) despite all recent advances. T and S changes of these magnitudes can have
quite severe effects on the circulation system and the formation of water masses (Haupt et al.,
1994, 1995) so that it is impossible to verify or assess a paleoceanographic reconstruction by
assessing the temperature and salinity errors. For narrowing the bandwidth of the reconstructed
parameters, further restrictions must be employed. For example, Zahn and Mix (1991) used the
requirement of stable stratification.
In the work presented here, SCINNA (= “Sensitivity and Circulation of the Northern North
Atlantic”), a three-dimensional ocean general circulation model is used as an extensive set of
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physical constraints to filter out consistent data sets from the possible ones. In some sense, this
application of a circulation model means looking at natural causalities from a reversed point of
view. The real ocean is driven by the combined effects of thermal, haline, and wind forcing and
shows a single specific circulation system and water mass distribution. In turn, when forcing
the numerical model with different T and S fields, the resulting circulation must be consistent
with both. If there are contradictions, for example a salinity-driven current conflicting with the
temperature field, something must have been wrong with the T and/or S reconstructions. Of
course, the same argument applies to the wind forcing. Thus the circulation model helps to













































Figure 1: Locations of the sediment cores employed for this work. Empty circles: cores with measurements
of foraminiferal δ18OC , filled circles: cores with both δ18OC measurements and independent T estimates.
The objective of the present study is: (i) to compile a physically consistent scenario of the north-
ern North Atlantic during the Last Glacial’s summer (18 000 14C, 21 600 calendar years BP),
based on the T reconstructions from faunal assemblages (Pflaumann et al., 1996) and δ18OC ,
the oxygen isotope ratios measured at fossil shells of the planctonic forminiferans Neogloboquad-
rina pachyderma sin. and Globigerina bulloides, and (ii) to yield new insights whether and to
what extent the relationship between S and oxygen isotopes may have changed during geological
history. The interrelations between sediment core data and derived oceanographic parameters
are discussed in conjunction with different approaches for calculating paleo-salinities. Then, the
different methods for determining paleo-salinity will be assessed according to the model results
obtained by forcing SCINNA with the different salinity reconstructions.
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2 DATA AND MODEL
2.1 Data Base
This work was based on a total of 133 (Fig. 1) cores with δ18OC measurements from various
sources (Table 1). For 25 of these cores, glacial sea surface temperatures have been indepently
estimated (Weinelt et al., 1996; Table 1, ’96 Trek data). The data represent an average over
3000 years (18–15 kyr 14C BP) of stable glacial conditions that are easily identified in the
sedimentary data (Weinelt et al., 1996). The subsequent climatic changes indicated in the records
by Heinrich and other deglaciation events (e. g. Bond and Lotti, 1995; Sarnthein et al., 1995) are
not considered here. From these sediment core data, the sea surface T and S fields for driving
















ratio of sea water,
δ18OW,
= δ18OW (T, δ18OC)
Figure 2: Interrelation between the two parameters obtained from sediment core measurements (T and
δ18OC , top row) and those needed for forcing the model (T and S, left column). Black arrows indicate the
empirical relationships given by the paleotemperature equation (2). The unknown glacial S-δ18OW -relation
is symbolized by the white arrow.
First, the core-based temperatures (Fig. 3, filled circles) were supplemented by the CLIMAP
(1981) summer reconstruction south of 50N (open circles). To fill in the remaining gaps, freezing
conditions (-1.9˚C) in the polar ocean, in the Barents Sea and at the northern end of the
Labrador Sea were assumed, with a smooth increase to 2˚C at the southern coast of Greenland
and the southern end of the Labrador Sea (triangles). By triangulation (Wessel and Smith,
1991) and smoothing, these punctual T data were interpolated to every model grid point (Fig.
3, isolines). The points outside the model area were included in the triangulation to avoid
unrealistic gradients at the boundaries. The resulting field has many resemblances to modern
winter conditions, such as the largely ice-free GIN Seas, and indications for an inflow into the
Norwegian Sea over the Iceland-Færøe-Scotland Ridge. This temperature field was used for
forcing all of the experiments described here.
Second, the gridded temperatures were interpolated to the locations of the sediment cores with
δ18OC measurements (Table 1, Tint). By means of equations (2) and (3) that are introduced
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Figure 3: Glacial summer sea surface temperature triangulated from the core-based T estimates (filled
circles), parts of the CLIMAP (1981) reconstruction (open circles), and assumptions (triangles, see text).
























































Figure 4: Glacial distribution of the water oxygen isotopic composition, computed from the δ18OC data
and the triangulated T field. Contour interval = 0.10/00 .
arrows) for each core from Tint and δ18OC (Table 1, δ18OW ). In case of N. pachyderma sin.
data, the 0–50 m version of equation (3) was used, because the resulting model forcing was
applied to the whole uppermost model level of 50 m thickness. Triangulation and smoothing
of the core-based δ18OW then yielded the distribution of δ18OW shown in Fig. 4, covering the
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whole model area. Its main features are the maximum up to 1.30/00 in the Norwegian Sea, the
minimum of 0.8–0.90/00 off the British Islands, and a tongue with values > 1.20/00 extending
northward along 30W. Core CH 69-09 at 47.35W/41.75N was not used for triangulation. Its
δ18OW value of 1.630/00 would have introduced sharp fronts along SCINNA’s western boundary
by bending the isolines < 1.60/00 northward and those > 1.60/00 to the south, thus causing
strong salinity-driven currents inconsistent with the wind-driven circulation. Unfortunately, CH
69-09 is the only core available in this area, and its isotope ratio could not be assessed by other
measurements. Therefore it was simply omitted.
Third, the interpolated δ18OW field and various assumptions for the glacial S-δ18OW -Relation
(Fig. 2, white arrow) were employed to compute different glacial sea surface salinity distributions.
By driving SCINNA with these S distributions and the T filed described above, the consistency
of the salinity reconstructions was checked. The different salinity fields are discussed in the final



























Figure 5: Glacial July surface wind stress (Hoffmann, 1996, pers. comm.). Only one vector in two is
displayed for clarity. Length of scaling vectors = 0.1 Pa.
The wind field (Fig. 5) used for all the experiments was taken from the July wind stress of a
glacial reconstruction with the ECHAM-T42 atmospheric model that was run (Hoffmann, 1996,
pers. comm.) with an earlier, slightly different sea surface T reconstruction (Schulz, 1994) of the
ice-free GIN Seas (cf. Table 1, ’94 Trek data).
2.2 SCINNA
SCINNA is a three-dimensional prognostic Ocean General Circulation Model employing the














































































































at 75 m Depth
Figure 6: Salinities and velocities at 75 m depth obtained by forcing SCINNA with modern winter surface
T , S (Levitus, 1982; Dietrich, 1969), ice (Wadhams, 1986) and wind (Hellerman and Rosenstein, 1983).
The model reproduces the modern salinity distribution and circulation patterns very well. Most noticeable
are the salty inflow into and the low-salinity outflow from the GIN seas and the Labrador, Irminger, and
North Atlantic Currents. Contour interval = 0.1 psu, scaling vectors = 2 cm/s (Only one vector in two
is shown for clarity).
imize the convergence of meridians and the associated numerical difficulties, it is written not
in conventional geographical coordinates but in a rotated spherical system where the model’s
north pole is located at 180W/30N. The model domain is resolved with 0.5 degrees (≈ 55 km)
horizontally and vertically by 17 levels from 50 m thickness at the top to 1000 m at the bottom
of the deepest basins, thus allowing a realistic representation of bottom topography. A complete
description can be found in Haupt et al. (1994). For validating SCINNA, the model was driven
with the modern temperature, salinity, and wind stress fields at the sea surface (Haupt et al.,
1994, 1995), and both the modern watermass distribution and circulation system, comprising
the Norwegian, East Greenland, Labrador, Irminger, and North Atlantic Currents, were very
well reproduced in these experiments (Fig. 6).
The model domain includes the Greenland-Iceland-Norwegian (GIN) Seas and their adjacent
basins (Fig. 7). The bottom topography was interpolated from the ETOPO5 (1986) data set
and further modified to take into account the glacial 100 m sea level lowering (Fairbanks, 1989)
and the shelf glaciation down to typically 200 m depth with respect to the glacial sea level
(CLIMAP, 1981; Lehman et al., 1991; Mienert et al., 1992). This LGM topograhpy exhibits
narrower and shallower straits between Greenland, Iceland, and Scotland than the modern.
Further on, the Barents and North Sea are not present any more.






































Figure 7: SCINNA’s extent and LGM topography shown in 3-D from the southwest. Contour interval =
50 m.
implemented along these margins to include the effects of the global ocean. However, the main
purpose of the model is to aid paleo-reconstructions, and for former time slices the necessary
specification of momentum, vorticity, mass, heat, and salt transports across the boundaries
cannot be accomplished. All we have up to now are estimates of (mainly surface) temperatures
and salinities. Therefore I resort to restoring zones 5 gridpoints (≈ 275 km) wide that can be
imposed along the artificially closed boundaries. However, in test experiments based on the
modern temperatures and salinities the circulation in the GIN Seas and the overflows into the
North Atlantic turned out to be very insensitive to the presence or absence of the restoring
zones. Therefore and due to the lack of three-dimensional glacial T and S, the LGM studies
presented here were performed without restoring.
At the surface, the model can be driven alternatively by restoring to specified sea surface tem-
peratures and salinities or by the fluxes of heat and freshwater. Again, because only T and S
are available for the work presented here, the restoring method is used with a restoring time
scale of 30 days. Flux boundary conditions are useful e. g. for studying meltwater inputs during
deglaciation phases: The freshwater flux may be diagnosed from a given state of the model and
be modified by adding meltwater inputs along the coasts (Scha¨fer-Neth and Stattegger, 1996).
3 PALEO-SALINITIES
Sea surface salinity and oxygen isotopic composition of the surface waters (δ18OW ) are linked
together by the impacts of evaporation and precipitation (white arrow, Fig. 2), and in the modern
ocean both parameters are well correlated by
S = Srec0 + µ
rec δ18OW , with Srec0 = 34.52 psu, µ
rec = 1.792 (1)
(GEOSECS, 1987). By taking into account only the GEOSECS data from the uppermost 250
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m of the Atlantic, one finds the slightly modified coefficients Srec0 = 34.66 psu and µ
rec = 1.658
(dashed line, Fig. 8). If we knew both SLGM0 and µ
LGM (Fig. 2, “???”), we could easily determine
S for the LGM, since δ18OW is documented in the oxygen isotope ratio of fossil planctonic
foraminiferal shells (δ18OC), and can be computed by means of the paleotemperature-equation
δ18OW = δ18OC + ε− 21.9 +
√
310.61 + 10Tc, (2)
(Epstein et al., 1953; Shackleton, 1974) (black arrows, Fig. 2), with ε = 0.27 accounting for the
different standards SMOW and PDB, against which δ18OW and δ18OC are commonly expressed.
Tc denotes the calcification temperature, the temperature of the water the foraminifer lived in
while building its shell. Tc depends on the sea surface temperature T and the depth habitat of
the foraminifers, and for some species simple relations are known:
Neogloboquadrina pachyderma sinistral
Tc = T − 2.0 for surface waters
Tc = T − 1.3 for 0–50 m depth (Weinelt et al., 1996)
Globigerina bulloides
Tc = T − 1 (Duplessy et al., 1991)
(3)
Any application of these relationships for estimating paleo-salinities must take into account
the global changes of S and δ18OW : (i) due to the sea level lowstand (∆H ≈ −100m) during the
Last Glacial Maximum the global salinity was increased by ∆S∆H = 1.07 psu (Fairbanks, 1989),
and (ii) the oxygen isotopic composition of sea water was increased by ∆ICE = 1.20/00 because
of the preferential storage of H162 O in the ice sheets (Labeyrie et al., 1987; Shackleton, 1987;
Fairbanks, 1989). If no other changes had been present during the LGM, these global variations
would simply shift (Fig. 8) the modern δ18OW -S-relation (dashed line) to a glacial one with equal
inclination (dotted line). However, additional non-global variations did most likely exist: From
the sedimentary record we have strong evidence that the atmospheric and oceanic circulation
patterns differed from the modern ones. This must have caused changes in evaporation and
precipitiation and in the formation and melting of continental ice sheets, not only regarding
the regions and intensities of these processes, but as well the temperatures at which the phase
transitions took place. In other words, the freshwater 16O/16O-fractionation might have been
affected by non-global climatic changes. In fact, the greenland deep ice cores show glacial oxygen
isotope ratios down to less than −400/00 (Dansgaard and Oeschger, 1989), which are substantially
below the modern values around −300/00 . This increase indicates a comparable glacial-to-present
change of precipitating δ18O that can be attributed to the lower air temperatures over the higher
glacial ice dome (Craig and Gordon, 1965). However, the ice sheet models of Peltier (1994), Greve
(1996), and Greve et al. (1996) reveal that during the LGM the Greenland ice cap was only a
few meters higher than today. Thus the lower temperatures were the main cause for the δ18O
variations in ice and precipitation. Furthermore, the glacial temperatures were lower not only at
the top of the ice dome but as well at sea level, and the δ18O of marine precipitation must have















































Figure 8: Transformations between the recent (dashed line) and LGM (dotted and solid lines) δ18OW
vs. S relationships. The global changes associated with sea level reduction and ice sheet buildup shift the
modern (dashed) line by ∆ICE = 1.20/00 and ∆S∆H = 1.07 psu to higher values (dotted). In addition,
local changes as variations in oceanic and atmospheric circulation can tilt the relation (solid line).
(1993) and Hoffmann (1995) that indicate a glacial high latitude lowering of rain and snow
isotope ratios in the range of 5–100/00 . The isotopic composition of sea water, δ18OW , strongly
depends on the precipitated δ18O (Craig and Gordon, 1965), so that these non-global variations
very likely resulted in a reduced inclination of the glacial δ18OW -S-relation (Fig. 8, solid line),
that is, in an unknown µLGM < µrec.
Despite that, for all recent reconstructions of paleo-salinities (Duplessy et al., 1991; Weinelt,
1993; Weinelt et al., 1996) a value of µLGM = µrec ≈ 2 has been adopted, yielding salinities
almost coincident with the dotted line shown in Fig. 8. However, when I used these reconstruc-
tions for forcing SCINNA, the model results revealed severe physical inconsistencies already
within the salinitiy field itself, but as well with the paleo-temperature data and the modelled
circulation. Therefore I propose a modified approach for determining the glacial relationship
between S and δ18OW .
The assumptions underlying this approach are:
1. S and δ18OW were correlated linearly during the LGM. This is plausible since the LGM
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lasted for a couple of millenia—in terms of atmospheric and oceanic timescales this can be
be regarded as a stable climatic equilibrium. That is, any imprints of local δ18O0 changes
that might have initially bent the relation must have had enough time to be propagated all
over the globe, thus producing a linear correlation in the Atlantic as it is the case today.
2. Apart from the sea level change (∆S∆H) and the ice effect (∆ICE) there were no uniform
global changes of S and δ18OW .
3. The glacial S-δ18OW -relation intersects the point marked by SLGM0 = S
rec
0 +∆S∆H = 35.73
psu and δ18OW = ∆ICE = 1.20/00 , that is, the intercept of the modern (GEOSECS-)
relation shifted by the two global effects, regardless of its slope (Fig. 8). The initial idea
for fixing that point was to employ the (globally shifted) average sea surface salinities
and isotope ratios. However, both values are highly variable and depend on the ocean
area the average is computed for. For example, the mean annual surface salinity for the
GIN Seas (between 45W/60N and 10E/80N) is 34.393 psu, whereas the slightly enlarged
region 60W/50N to 15E/80N gives 35.518 psu (both values computed from the Levitus et
al. (1994) dataset). Therefore the glacial fixpoint was based on the modern one from the
GEOSECS data (Atlantic, uppermost 250 m).
4. The inclination of the S-δ18OW -relation (µLGM ) is controlled by the freshwater oxygen
isotope ratio, δ18O0, that may vary over a large range of values (from below −400/00 in
the precipitation over the glacial ice caps to ≈ −100/00 in recent rain), and thus is by far
the most effective parameter for changing µLGM with respect to µrec.
5. The paleotemperature equation (2) is valid for the LGM, that is, the foraminiferan way of
life did not change since then.
These assumptions yield a transformed version of equation (1) for the LGM:

















with δ18OW to be computed from equation (2).
4 MODEL RESULTS
This section presents three salinity reconstructions based on different choices of δ18O0 and the




psu 0/00 δ18OW : S Remark
1. 34.45 -17.3 1 : 2.0 Relation taken from the LGM salinity re-
constructions of Weinelt et al., (1996). Re-
sulting salinities: Fig. 9
2. 34.52 -20.0 1 : 1.7 Modern relation, after δ18O0 = −19.30/00
and δ18OW :S = 1:1.79 from GEOSECS,
(1987). Fig. 12
3. 34.52 -35.0 1 : 1.0 Extreme LGM test case. Fig. 14
For initialization of these experiments, the model was spun up for 400 years of integration time
forced with an earlier glacial sea surface T and S reconstruction (Scha¨fer-Neth, 1994) that had
been derived from the core-based temperature estimates by Schulz (1994; cf. Table 1, ’94 Trek
data) and 131 δ18OC measurements with δ18O0 = −300/00 and the wind stress field introduced in
the previous section. Starting with the three-dimensional circulation and T -S distribution from
the end of this run, all other experiments described here were integrated with their respective
surface T and S fields for further 400 years.
The T and δ18OC values used here pertain to summer, but dependable annual mean or even
winter data are not yet available. Instead of using speculative winter data to fill in this gap,
the LGM experiments were carried out under constant summer forcing. It has to be questioned
whether driving a model perpetually with summer T and S yields reliable and significant results
for the LGM. Indeed, forcing SCINNA permanently with the modern summer data produced
a couple of irreal circulation features, such as a reversed East Greenland Current, whereas a
perpetual winter forcing gives a realistic simulation (Fig. 6). The obvious reason for this is
that at the present time the dominant forcing of the high latitudes takes place during the cold
season: At a still ice-free sea surface, temperatures are low, wind speeds are high, and salinities
are locally increased due to sea ice formation. The real ocean, too, could not develop its typical
flow patterns and water mass distributions under permanent summer conditions, and in this
sense the constant-summer model results are quite expectable.
As far as the glacial winter temperatures are concerned, some speculations can be made. Since
it was colder during the LGM than today, the winter ice cover must have been more extensive,
most likely reaching latitudes south of Iceland, somewhere between the summer and winter
ice covers reconstructed by CLIMAP (1981). From these freezing conditions and the summer
temperature reconstructions, a crude seasonal cycle or annual mean might be derived. However,
there is yet no way of computing seasonal or annual mean salinities from these temperature
assumptions and the summer δ18O data. On the other hand, the large glacial winter ice cover
yields a situation completely different from the modern one: Since the high-latitude ocean was
isolated very efficiently from the atmosphere during the cold season, summer forcing must have
been much more important during the LGM than today, at least for the high latitudes. Thus
the results presented here should be regarded as an extreme glacial scenario, still subject to
11




































for the LGM Summer, 

















Figure 9: Glacial sea surface salinity reconstruction computed from δ18OW with δ18O0 = −17.30/00 .





















































































at 75 m Depth
Figure 10: Experiment 1 (δ18O0 = −17.30/00 ): Salinitiy distribution and horizontal velocities at 75 m
depth. Contour interval = 0.1 psu, scaling vectors = 2 cm/s.
When computing S from the δ18OW field (Fig. 4) with δ18OW :S = 1:2, the resulting salinity
distribution (Fig. 9) exhibits a pronounced maximum of 35.7 psu at 3W/65N, separated by a













































at 450 m Depth
Figure 11: Experiment 1 (δ18O0 = −17.30/00 ): Horizontal velocities at 450 m depth. Scaling vectors =
0.7 cm/s.
margins of the GIN Seas S has a minimum around 34 psu, thus indicating a cyclonal circulation.
A tongue of high salinities (35.5–37 psu) spreads northward from the subtropics along 30W.
After reaching its steady state under this forcing, the circulation of the model’s uppermost levels
has developed an intense cyclone in the GIN Seas, shown here for the second level (centered at 75
depth; Fig. 10, right), that surrounds the salinity maximum (left). The western part of it feeds
a glacial East Greenland Current and proceeds through the Denmark Strait into the Labrador
Sea. These patterns are in accordance with both the wind field and the surface temperatures.
On the other hand, there are severe discrepancies. The inflow into the GIN seas is confined
to a narrow band at the coast of Scotland, transporting only approximately 35.1 psu, whereas
the salinity in the GIN Seas rises to 35.6 psu and more. This contrast is even worse in the
surface level. If we take the modern winter with its relatively warm and salty inflow sustaining
somewhat lower T and S values in the GIN Seas as an analogue, we can conclude that this
S reconstruction is not consistent with either the glacial temperatures, the wind field, or the
modelled circulation. Another inconsistency of this type is revealed by the circulation at about
50N. The strong westerlies of the applied wind field and the T front along 45N should cause
an anticylonal subtropical and a cyclonal subpolar gyre. However, the high salinity tongue at
the surface produces an S maximum extending downward to more than 1000 m depth, thus
inducing a completely different pattern. For example, at 450 m (Fig. 11) one finds a strong
cyclone centered at 32W/47N, just below the tongue at the surface. This cyclone is surrounded
by an anticyclonal current straddling the outer limits of the tongue. Again, the circulation is
predominantly haline driven and completely different from what would be implied by T and wind
13













































for the LGM Summer, 

















Figure 12: Glacial sea surface salinity reconstruction computed from δ18OW with δ18O0 = −200/00 .












































at 450 m Depth
Figure 13: Experiment 2 (δ18O0 = −200/00 ): Horizontal velocities at 450 m depth. Scaling vectors =
0.7 cm/s.
Employing the GEOSECS value δ18O0 = −200/00 for computing S results in the glacial salinity
distribution shown in Fig. 12. Compared to the first reconstruction (Fig. 9), S is about 0.2 psu
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higher in and in the vicinity of the GIN Seas, with the maximum increased to 35.9 psu, and the
minimum off Ireland and Scotland now being about 35.1 psu. In the subtropics, the salinities
are lowered by 0.1 psu in the southwest corner of the model area. This yields a small overall
reduction of the horizontal S gradients in the subtropic and subpolar regions, and essentially
unchanged gradients in the GIN Seas.
Consequently, the modelled GIN Sea circulation and the overflows over the Greenland-Iceland-
Scotland Ridge do not change with respect to experiment 1. But there are small changes in
the area of the high salinity tongue. As can bee seen at 450 m depth (Fig. 13), there is some
tendency to break the concentric cyclone and anticyclone centered at 32W/47N. Instead, the
model tends to produce at least the aforementioned subtropical gyre, thus showing a better





































for the LGM Summer, 

















Figure 14: Glacial sea surface salinity reconstruction computed from δ18OW with δ18O0 = −350/00 .
Contour interval = 0.1 psu.
Obviously, the main flaw of the LGM salinity reconstructions discussed up to this point are too
strong salinity gradients that produce currents conflicting with the thermal and the wind forcing.
According to equation (5), one key to reduce S gradients is making δ18O0 more negative. This
is supported not only by the oxygen isotope measurements from the deep Greenland ice cores
(Dansgaard and Oeschger, 1989), but as well by the atmospheric model results of Joussaume
and Jouzel (1993) and Hoffmann (1995), that indicate a glacial high latitude lowering of δ18O0
by approximately 100/00 . As an extreme case, δ18O0 = −350/00 was used here to compute the
sea surface salinities (Fig. 14) for the third experiment. At first glance it is clear that this choice
reduces the salinity gradients considerably: The GIN Seas’ maximum is 35.8 psu, dropping to
15
values around 35.1 psu along the coasts, the minimum values off Britain are increased to 35.4–





























































































at 75 m Depth
Figure 15: Experiment 3 (δ18O0 = −350/00 ): Salinitiy distribution and horizontal velocities at 75 m












































at 450 m Depth
Figure 16: Experiment 3 (δ18O0 = −350/00 ): Horizontal velocities at 450 m depth. Scaling vectors =
0.7 cm/s.
The modelled near-surface circulation still presents (Fig. 15, right) the cyclone in the GIN Seas,
the outflow through the Denmark Strait, and its continuation into the Labrador Basin. The inflow
over the Iceland-Scotland Ridge is intensified and much wider than in the first two experiments.
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Furthermore, it transports salinities around 35.6 psu (left), which is much closer to the values
inside the GIN Seas (35.7 psu) than in the previously discussed model runs. This scenario is
almost successful in maintaining the salt balance of this area, and this S field gives better results
towards the subtropics, too. A distinct subtropical gyre has developed, although distorted by the
southern model boundary, whose northern limit is shifted southward with respect to its modern
location. This shift indepently confirms the model results of Seidov et al. (1996) that were based
on a different approach for reconstructing paleo-salinities. Together with the currents south of
Greenland and out of the Labrador Sea, the broad inflow into the GIN Seas branching off the
subtropical gyre along the Irish/Bristish coast forms the subpolar cyclone missing from the two
previous experiments. At 450 m depth (Fig. 16), the unrealistic cyclonal structure at 32W/47N
has disappeared. In contrast to experiments 1 and 2, wich show an inflow into the GIN Seas both
east and west of the Færøe Islands, this experiment gives an inflow only at the east side. West
of the Færøes there is an outflow into the North Atlantic like nowadays, linked to deepwater
formation north of the ridge. This is in good conceptual agreement with the results of Yu et al.
(1996) who propose comparable meridional overturning rates for the Glacial and today based
on radionuclide measurements.
5 CONCLUSIONS
From the numerical experiments discussed above, two main conclusions can be drawn:
1. Since the proxy data suggest that the glacial GIN Seas were free of ice during part of the
seasonal cycle, these temperatures and the corresponding wind field imply a glacial circulation
scheme quite similar to the modern one. Specifically the subpolar and subtropical gyres must
have existed, and the high GIN Sea temperatures must have been maintained by a relatively
warm inflow from the northeast Atlantic. Mainly due to the wind field, this inflow most likely
went along the coast of Scotland. For the same reason, the East Greenland Current must have
been present as well.
2. The combination of high δ18OC values and relatively high temperatures gives corresponding
high salinities for the glacial GIN Seas, too, regardless of the specific S-δ18OW relationship.
In parallel to the arguments regarding the temperatures, this requires a salty inflow from the
Atlantic. On the other hand, the δ18OC values south of the Iceland-Scotland ridge are relatively
low. If the modern relation between S and δ18OW is employed for calculating glacial salinities,
the waters entering the GIN Seas do not carry enough salt to maintain the maximum in the
interior. In other words, the horizontal salinity gradients are far too large. This applies also to
the subpolar/subtropical region, where the steep S gradients cause a circulation inconsistent
with the thermal and wind forcing. To avoid these strong gradients in spite of the high δ18OC
differences, the modern S-δ18OW relation cannot be used for calculating glacial salinities. It
must be replaced by an approximate 1:1 ratio. That is, a glacial fresh water oxyen isotope ratio
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of −300/00 or even less must be assumed, well below the modern value of −200/00 . Then the
inconsistencies are minimized, and the resemblances between modern and glacial circulation that
can be already deduced from the temperature distribution are strongly confirmed by the model
results.
This glacial-to-modern δ18O0 shift of more than 100/00 exceeds the δ18O shift of precipitation (up
to 100/00 ) that was obtained with atmospheric models (Joussaume and Jouzel, 1993; Hoffmann,
1995). One major reason for this are the high salinities reconstructed from the glacial summer
temperatures that require a very low δ18O0. When reliable winter and/or annual temperatures
become available for the LGM, these lower temperatures will yield lower δ18OW values, too (cf.
Eq. 2). Then, SCINNA can be expected to give consistent results with a higher glacial δ18O0
than found in the present study, hence a better agreement of atmospheric and oceanic model
results.
So far, a linear S-δ18OW relationship was employed for the whole model area, which might
not appropriately represent the mixing of very different water masses in this region. To check
this, a number of accompanying experiments was carried out where the value of δ18O0 was
changed (i) in the vicinity of the Greenland and Barents ice sheets from -400/00 (glacier runoff)
to -150/00 (sea ice runoff) and (ii) in the region of inflow from the North Atlantic from -300/00 (my
LGM suggestion) to -200/00 (modern value). These changes introduced additional gradients in
the reconstructed salinity (and thus density) fields, causing quite different circulation changes.
Variations along the ice sheet margins mainly strengthen or weaken the boundary currents in
the GIN Seas, without altering the circulation patterns very much. Because of this, and because
of the very small effect of steady-state ice caps on δ18O0 (Craig and Gordon, 1965), changes of
this type were not further considered for this LGM study.
In contrast, changes in the inflow area lead to severe inconsistencies between (i) reconstructed
sea surface salinity and modelled circulation and (ii) thermal and wind forcing. This finding
could be expected: Recalling that the LGM was a stable climate state lasting for a couple of
thousand years which is much longer than the overturning time scale of the global ocean, the
low δ18O entering the high latitudes by precipitation (Joussaume and Jouzel, 1993; Hoffmann,
1995) must have been propagated at least over the whole North Atlantic as it is the case today
(GEOSECS, 1987), thereby removing local variations.
However, regional variations of the S-δ18OW relation should be considered in further experiments
addressing the deglaciation phases that followed the LGM.
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Table 1: Core data used for this study.
Core δ18OC Spe- Location δ18OC Trek/˚C Tint δ18OW
Source cies Lon. Lat. PDB ’96 ’94 ˚C SMOW
1171 19 pa. -18.07 68.20 4.49 3.0 2.62 0.85
BOFS 5K 19 pa. -21.87 50.68 4.17 4.3 4.46 1.04
BOFS 8K 19 pa. -22.04 52.50 4.21 3.8 4.0 4.02 0.96
BOFS 14K 19 pa. -19.44 58.62 4.11 3.6 4.4 3.69 0.77
BOFS 17K 19 pa. -16.50 58.00 4.17 3.6 4.4 3.70 0.83
CH 66-03 11 pa. -2.18 44.08 3.41 6.62 0.85
CH 67-19 11 pa. -3.95 45.75 3.57 6.44 0.97
CH 69-09 11 bu. -47.35 41.75 3.17 10.28 1.63
CH 69-12 11 pa. -4.69 46.02 3.65 6.46 1.05
CH 69-32 11 pa. -5.18 45.40 3.56 6.67 1.02
CH 69-69 11 pa. -4.51 43.84 3.66 7.20 1.25
CH 72-101 11 pa. -8.56 47.47 3.51 6.40 0.90
CH 72-104 11 pa. -8.08 46.90 3.25 6.50 0.66
CH 73-108 11 pa. -10.73 58.08 4.18 4.04 0.93
CH 73-110 17 pa. -8.93 59.50 4.00 3.99 0.74
CH 73-136 8 pa. -14.47 55.57 4.18 3.98 0.92
CH 73-139 5 pa. -16.35 54.64 3.99 4.40 0.84
CH 73-141 11 pa. -16.52 52.86 4.00 4.40 0.85
CH 77-07 2 pa. -10.52 66.60 4.72 3.20 1.25
FRAM 1/4 4 pa. -8.95 84.50 4.69 -1.90 -0.25
FRAM 1/7 4 pa. -6.96 83.88 4.60 -1.90 -0.34
HM 1007 18 pa. -4.72 61.67 4.44 3.72 1.11
HM 52-43 13 pa. 0.73 64.25 4.51 3.31 1.07
HM 57-07 18 pa. -13.53 68.25 4.48 3.01 0.95
HM 71-12 18 pa. -13.87 68.43 4.73 2.96 1.19
HM 71-14 18 pa. -18.08 69.83 4.65 1.34 0.66
HM 71-19 18 pa. -9.51 69.48 4.81 3.00 1.28
HM 80-42 18 pa. -9.23 72.25 4.51 2.40 0.81
HM 80-60 18 pa. -11.86 68.90 4.69 2.99 1.16
HM 94-13 18 pa. -1.62 71.63 4.66 2.79 1.07
HM 94-18 18 pa. 5.70 74.50 4.57 2.53 0.91
HM 94-25 18 pa. 1.32 75.60 4.68 2.06 0.89
HM 94-34 18 pa. -2.54 73.77 4.80 2.41 1.11
HU 75-37 11 pa. -48.38 59.15 4.40 0.76 0.24
HU 75-41 11 pa. -53.86 62.65 4.89 -0.68 0.31
HU 75-42 11 pa. -53.89 62.65 4.75 -0.69 0.17
HU 75-58 11 pa. -59.37 62.78 4.53 -1.33 -0.24
K 11 2 pa. 1.60 71.78 4.66 2.77 1.07
KN 708-1 19 pa. -23.75 50.00 4.16 4.1 5.1 4.74 1.11
KN 708-6 11 pa. -29.57 51.57 4.46 5.20 1.53
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Table 1 (continued): Core data used for this study.
Core δ18OC Spe- Location δ18OC Trek/˚C Tint δ18OW
Source cies Lon. Lat. PDB ’96 ’94 ˚C SMOW
KN 714-15 8 pa. -25.95 58.77 4.23 3.66 0.88
M 15637 11 bu. -18.98 27.00 1.89 19.70 2.57
M 15672 11 bu. -8.13 34.87 2.32 14.12 1.71
M 17045 18 pa. -16.65 52.43 4.01 3.9 4.38 0.86
M 17048 18 pa. -18.16 54.30 4.02 4.58 0.92
M 17049 18 pa. -26.73 55.28 4.29 4.0 4.4 4.06 1.05
M 17051 19 pa. -31.98 56.17 4.34 3.9 3.89 1.05
M 17701 9 pa. 11.68 68.53 4.34 0.80 0.19
M 17719 17 pa. 12.57 72.15 4.39 1.69 0.49
M 17724 17 pa. 8.33 76.00 4.63 2.6 1.66 0.73
M 17725 17 pa. 4.58 77.47 4.41 3.0 3.8 1.83 0.55
M 17728 17 pa. 3.95 76.52 4.69 2.08 0.90
M 17730 17 pa. 7.31 72.05 4.60 2.7 3.2 2.48 0.92
M 17732 17 pa. 4.23 71.62 4.75 2.73 1.15
M 23041 6 pa. 0.22 68.68 4.75 3.24 1.29
M 23043 10 pa. -3.35 70.27 4.57 2.99 1.04
M 23055 10 pa. 4.01 68.42 4.76 3.06 1.25
M 23056 19 pa. 3.83 68.50 4.71 3.9 3.09 1.20
M 23057 10 pa. 3.31 68.40 4.70 3.15 1.21
M 23059 10 pa. -3.12 70.30 4.72 2.98 1.19
M 23062 10 pa. 0.16 68.73 4.73 3.24 1.26
M 23063 10 pa. 0.00 68.75 4.76 3.23 1.29
M 23064 10 pa. 0.33 68.67 4.66 3.24 1.20
M 23065 10 pa. 0.81 68.50 4.80 3.3 4.9 3.26 1.34
M 23068 10 pa. 1.50 67.83 4.74 3.23 1.27
M 23071 10 pa. 2.93 67.08 4.73 2.8 3.6 3.06 1.22
M 23074 10 pa. 4.92 66.67 4.96 2.9 2.80 1.37
M 23254 17 pa. 9.63 73.12 4.70 2.42 1.01
M 23256 17 pa. 10.95 73.18 4.73 2.18 0.97
M 23258 17 pa. 13.98 75.00 4.52 -0.12 0.11
M 23259 17 pa. 9.25 72.03 4.68 2.22 0.93
M 23260 17 pa. 11.46 72.13 4.71 1.92 0.88
M 23261 17 pa. 13.11 72.17 4.60 1.55 0.66
M 23262 17 pa. 14.43 72.23 4.33 2.7 1.12 0.27
M 23269 17 pa. 0.68 71.45 4.83 2.82 1.25
M 23294 17 pa. -10.59 72.37 4.71 2.6 2.12 0.94
M 23323 9 pa. 5.93 67.77 4.42 2.55 0.76
M 23419 19 pa. -19.74 54.97 3.96 5.1 4.67 0.88
MG 123 6 pa. 0.81 79.27 4.65 0.22 0.34
NA 87-22 14 pa. -14.57 55.50 4.15 3.7 4.8 4.00 0.90
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Table 1 (continued): Core data used for this study.
Core δ18OC Spe- Location δ18OC Trek/˚C Tint δ18OW
Source cies Lon. Lat. PDB ’96 ’94 ˚C SMOW
NO 77-14 11 pa. -20.42 62.45 4.65 3.71 1.31
NO 79-06 11 pa. -36.89 54.52 4.76 3.60 1.40
NO 79-17 11 bu. -27.17 43.01 3.23 12.67 2.27
NO 79-25 11 pa. -27.28 46.98 4.10 7.28 1.72
NO 79-29 11 bu. -15.07 46.30 3.23 7.19 0.90
ODP 646 11 pa. -48.92 58.22 4.42 0.89 0.30
ODP 647 11 pa. -45.26 53.33 4.19 2.63 0.56
POS 0006 12 pa. -16.82 69.20 4.43 2.15 0.66
POS 0020 12 pa. -18.54 67.98 4.49 2.71 0.88
POS 16343 9 pa. 7.46 66.93 4.33 2.30 0.61
POS 16396 18 pa. -11.25 61.87 4.08 3.5 3.8 3.55 0.70
PS 21291 17 pa. 8.07 78.00 4.54 1.03 0.46
PS 21295 7 pa. -2.43 78.00 4.63 0.57 0.42
PS 21535 15 pa. 1.85 78.75 4.73 0.84 0.59
PS 21736 16 pa. -5.17 74.33 4.65 1.83 0.79
PS 21842 18 pa. -16.52 69.45 4.48 2.05 0.69
PS 21900 16 pa. -2.32 74.53 4.45 2.11 0.67
PS 21906 18 pa. -2.10 76.50 4.56 1.35 0.57
PS 21910 18 pa. 1.32 75.62 4.60 2.06 0.81
PS 23199 10 pa. 5.24 68.38 4.77 2.76 1.17
PS 23205 10 pa. 5.76 67.62 4.62 2.60 0.98
PS 23243 10 pa. -6.54 69.38 4.71 3.07 1.20
PS 23246 10 pa. -12.86 69.40 4.58 2.82 1.00
RC 9-225 11 pa. -15.40 54.89 3.99 4.23 0.80
S 8-79-04 11 bu. -22.00 42.00 2.87 14.06 2.24
SU 81-14 11 bu. -9.86 36.77 2.52 14.42 1.98
SU 81-18 11 bu. -10.34 37.77 2.32 14.00 1.68
SU 81-32 11 bu. -9.78 42.10 3.27 9.83 1.61
SU 81-47 11 pa. -3.30 44.88 3.44 6.57 0.87
SU 90 I06 19 pa. -39.45 59.98 4.57 3.3 3.00 1.04
SU 90 I07 18 pa. -28.08 63.08 4.17 3.35 0.74
UB 25-09 3 pa. 4.79 63.05 4.49 3.02 0.96
UB 31-33 3 pa. 1.78 63.63 4.44 3.36 1.01
UB 31-36 3 pa. 0.53 64.25 4.88 3.31 1.44
V 23-23 11 pa. -44.55 56.08 4.34 2.45 0.66
V 23-42 8 pa. -27.92 62.18 4.52 3.40 1.10
V 23-81 9 pa. -16.14 54.03 4.02 4.7 5.2 4.47 0.89
V 23-82 11 pa. -21.93 52.59 4.34 4.03 1.09
V 23-83 8 pa. -24.26 49.87 4.31 4.84 1.28
V 27-17 11 pa. -37.31 50.08 4.42 4.38 1.27
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Table 1 (end): Core data used for this study.
Core δ18OC Spe- Location δ18OC Trek/˚C Tint δ18OW
Source cies Lon. Lat. PDB ’96 ’94 ˚C SMOW
V 27-19 11 pa. -38.79 52.10 4.46 3.77 1.14
V 27-20 11 pa. -46.20 54.00 4.33 2.40 0.63
V 27-60 11 pa. 8.58 72.17 4.72 2.36 1.01
V 27-86 8 pa. 1.13 66.60 4.72 3.3 2.8 3.16 1.23
V 27-114 8 pa. -33.08 55.05 4.42 4.01 1.17
V 27-116 11 pa. -30.33 52.83 4.52 4.79 1.48
V 28-14 1 pa. -29.58 64.78 4.60 3.2 4.0 3.07 1.09
V 28-38 8 pa. -4.40 69.38 4.82 3.10 1.32
V 28-56 1 pa. -6.12 68.03 4.67 3.5 3.17 1.19
V 29-180 11 pa. -23.87 45.30 3.80 8.89 1.83
V 29-183 8 pa. -25.50 49.14 4.10 5.57 1.27
V 30-108 8 pa. -38.73 56.10 4.52 3.18 1.04
V 30-164 11 pa. 8.97 69.83 4.83 1.34 0.83
Notes on Table 1:
1. δ18OC sources: 1: Kellogg et al. (1978); 2: Ruddiman and McIntyre (1981); 3: Jansen
and Erlenkeuser (1985); 4: Zahn et al. (1985); 5: Bard et al. (1987); 6: Morris (1988);
7: Jones and Keigwin (1989); 8: Keigwin and Boyle (1989); 9: Jansen and Veum (1990);
10: Vogelsang (1990); 11: Duplessy et al. (1991); 12: Lackschewitz (1991); 13: Veum et
al. (1992); 14: Duplessy et al. (1992); 15: Ko¨hler (1991); 16: Ju¨nger (1993); 17: Weinelt
(1993); 18: Sarnthein et al. (1995); 19: Weinelt et al. (1996).
2. Foraminifer species: pa. = Neogloboquadrina pachyderma sin., bu. = Globigerina bulloides.
3. δ18OC : Glacial oxygen isotope ratio (PDB) of fossil foraminifer shells.
4. Trek: Temperature reconstructed from faunal assemblages: ’96: Weinelt et al. (1996); ’94:
Older reconstructions by Schulz (1994) that were used for modeling the glacial wind field
(Hoffmann, 1996, pers. comm.).
5. Tint: Temperatures interpolated from the model surface forcing set (Fig. 3) to the core
locations.
6. δ18OW : Isotopic composition of sea water (SMOW), computed from δ18OC and Tint by
means of equation (2).
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